The uppermost mantle as sampled by xenoliths, peridotite massifs and primitive basaltic melts appears to be relatively oxidized, with oxygen fugacities between the magnetite^wu« stite and fayalite^ferro-silite^magnetite equilibria. Whether this range in oxygen fugacity is a shallow mantle signature or representative of the entire upper mantle still is unclear and a matter of debate because mantle regions deeper than 200 km are not well sampled. To constrain the redox state of the deeper upper mantle, we performed experiments from 1 to 14 GPa and 1220 to 16508C on a model peridotite composition, encompassing the convecting asthenospheric mantle down to the Transition Zone at 410 km depth. The experiments were run in iron metal capsules to buffer fO 2 close to an oxygen fugacity about 0·5 log units below the iron^wu« stite equilibrium. Analysis of the experimental phases for ferric iron using electron energy loss spectroscopy reveals that at pressures higher than 7 GPa, subcalcic pyroxene and majoritic garnet incorporate appreciable amounts of ferric iron, even though at the experimental conditions they were in redox equilibrium with metallic iron. The major ferric iron carrier in the upper mantle is majoritic garnet, followed by subcalcic pyroxene. At around 8 AE 1 GPa, corresponding to $250 AE 30 km depth in the upper mantle, sufficient quantities of subcalcic pyroxene and majoritic garnet are stabilized that all the ferric iron thought to be present in fertile upper mantle (i.e. $2000 ppm) can be accommodated in solid solution in these phases, even though they were synthesized in redox equilibrium with metallic Fe. Based on the results of the experiments, it can be stated that, on a global scale, an oxidized upper mantle near the fayalite^ferrosilite^magnetite equilibrium is the exception rather than the rule. More than 75 vol. % of the Earth' s present-day mantle is likely to be saturated with metallic iron.
I N T RO D UC T I O N
The oxidation state, next to pressure and temperature, is one of the most fundamental intensive parameters of the Earth's mantle. The oxidation state of the mantle, quantified as the fugacity of oxygen or fO 2 , determines in a volatile-bearing mantle which C^H^O volatiles are the stable species. Oxygen fugacity also determines, through volatile speciation, the pressure^temperature position of the mantle solidus. Mantle material in equilibrium with oxidized H 2 O^CO 2 volatiles and/or carbonate phases has a lower solidus temperature than mantle in equilibrium with reduced CH 4 and H 2 . Oxygen fugacity also affects the rheological properties of the mantle. An H 2 O-bearing (oxidized) mantle with high concentrations of hydroxyl in nominally anhydrous silicates is less viscous in a convective regime than a dry (reduced) mantle (Kohlstedt et al., 1996) . It is not surprising that considerable effort has gone into quantifying oxidation states and understanding the parameters that control fO 2 in the mantle.
The uppermost mantle appears to be moderately oxidized. Spinel-and plagioclase-bearing peridotites from orogenic massifs, abyssal peridotites and mantle xenoliths in basalts span a range in fO 2 relative to the fayalite^mag-netite^quartz (FMQ) equilibrium from 3·4 log units below to about 1·5 log units above FMQ; that is, FMQ3
·4 to FMQ þ1·5 (Ballhaus et al., 1990 (Ballhaus et al., , 1991 Ballhaus, 1993; Frost & Ballhaus, 1998 , Foley, 2010 , and references therein). Garnet-bearing peridotites appear, on average, to be slightly more reduced. Equilibria involving ferric and ferrous iron in pyroxene and garnet give relative fO 2 values ranging from FMQ^4·2 to around FMQ (see Frost & McCammon, 2008) . The most reduced values have been recorded from deep-seated garnet harzburgite and lherzolite xenoliths from Archaean cratonic lithosphere (Woodland & Koch, 2003; McCammon & Kopylova, 2004) where the highest pressure xenoliths tend to return the lowest relative fO 2 .
Partial melts of the upper mantle, in comparison, are systematically more oxidized than mantle peridotite samples. Mid-ocean ridge basalts (MORB) range from FMQ 1·5 to $FMQ (Christie et al., 1986; Bezos & Humler, 2005) , ocean island basalts (OIB) from FMQ to around FMQ þ1·5 (Ballhaus, 1993) , and convergent margin basalts up to FMQ þ 3, in rare instances (Luhr & Carmichael, 1981 , 1985 up to as high as FMQ þ 5. The reason for this difference probably lies in the partial melting process generating basalts. Ferric iron components in minerals are more incompatible during partial melting than ferrous iron components (e.g. Arculus, 1994) , so the partial melt always has a higher ferric to total iron ratio (Fe 3þ /AEFe) than the mantle source from which it was generated, leading to relative oxidation when the melt is segregated and rises to the surface (Ballhaus & Frost, 1994) . The residue left after melt segregation should in turn be more reduced than the melt; however, usually refractory mantle tends to be more oxidized than fertile mantle. This is so because melt segregation not only removes ferric and ferrous iron oxides, but also lowers the buffering capacity of the residue with respect to fO 2 by depleting it in iron, leaving a depleted harzburgite much more susceptible to later oxidation events than a fertile mantle.
In contrast to the upper mantle, the Transition Zone and the lower mantle appear to be highly reduced, with relative fO 2 up to two log units below the iron^wu« stite equilibrium (IW^2). Because no natural samples exist from these mantle regions from which to calculate fO 2 , relative fO 2 estimates need to be based on theoretical considerations (Ballhaus, 1995) and experiments (O'Neill et al., 1993b; Frost et al., 2004; Rohrbach et al., 2007) . Pressure stabilizes phases in mantle compositions that can incorporate more ferric iron than minerals stable at low pressure (see Gudmundsson & Wood, 1995; Woodland & O'Neill, 1995) . Therefore, assuming that the Fe 2 O 3 content of the bulk mantle remains constant with depth, increasing pressure leads to a decrease in the activities of the ferric iron components in the various mantle phases, because a given amount of ferric iron can be distributed among an increasing mineral reservoir fractionating ferric iron. This causes the relative fO 2 to fall. Most notable is the early observation by Bell & Mao (1975) that FeO may disproportionate with increasing pressure to Fe 2 O 3 and metallic Fe in a basaltic system. This observation was later confirmed and quantified by Frost et al. (2004) to hold for mantle compositions as well. Once Fe metal becomes a stable phase, the mantle is well buffered with respect to fO 2 .
In this study we establish a redox profile through the convecting upper mantle. We report the results of experiments on a model mantle composition in redox equilibrium with metallic Fe from 1 to 14 GPa and 1220 to 16508C, to quantify how much ferric iron can be incorporated in pyroxene and garnet at a given pressure, when the relative fO 2 is buffered by equilibrium with Fe metal. Pyroxenes and garnet in the run products were analyzed for their Fe 3þ /AEFe ratios with electron energy loss spectroscopy (EELS). Between 7 and 9 GPa pressure, sub-calcic pyroxene and majoritic garnet become so abundant, and their ability to fractionate ferric iron so marked, that all the ferric iron present in a fertile mantle composition (i.e. $2000 ppm Fe 2 O 3 ; O'Neill et al., 1993a) can be accommodated in these phases, even though they are in redox equilibrium with metallic Fe. Hence, at depths greater than $250 km, the chemical potentials of the ferric iron components in the phases and relative fO 2 are sufficiently low that Fe metal may be a stable accessory phase.
E X P E R I M E N TA L A N D A NA LY T I C A L M E T H O D S
The starting composition of the experiments was a primitive mantle composition originally defined by Palme & O'Neill (2003) . To increase the amount of potentially Fe 3þ -bearing phases (i.e. pyroxene and garnet) the model mantle was depleted by 30% in its normative olivine content. The bulk composition was also enriched in FeO compared with natural mantle (McDonough & Sun, 1995; Palme & O'Neill, 2003) , to a molar MgO/(MgO þ FeO) ratio of 0·5, to raise the FeO content of the phases and facilitate ferric iron analysis by electron energy loss spectroscopy (EELS). Following these manipulations, the composition of the starting material was 47·5 wt % SiO 2 , 0·29 wt % TiO 2 , 6·45 wt % Al 2 O 3 , 0·56 wt % Cr 2 O 3 , 26·2 wt % FeO, 14·7 wt % MgO, 3·8 wt % CaO, and 0·5 wt % Na 2 O.
The initial starting material was prepared from the oxides SiO 2 , TiO 2 , Cr 2 O 3 , Al 2 O 3 , and MgO, and the carbonates CaCO 3 and Na 2 CO 3 . The mix was finely ground in acetone and decarbonated by stepwise heating to 9008C. Ferrous iron oxide was added as commercially available Fe 1^x O oxide after the decarbonation step, to avoid oxidation to ferric iron. After addition of the Fe 1^x O, the mixture was pressed to pellets and sintered for 6 h at 11508C in a reducing CO^CO 2 (222:78) gas atmosphere whose oxygen partial pressure was near the ironŵ u« stite equilibrium (Deines et al., 1976) . This step ensured that prior to the experiments, the ferric iron content in the starting material was negligible. Following the sintering step, the pellets were crushed, re-ground to a powder, and aliquots of the powder were pressed into Fe metal capsules. The Fe capsules, after they were filled with silicate but still open, were repeatedly evacuated and flushed with argon to eliminate any possible oxygen from air trapped inside the oxide powder, then sealed under an argon atmosphere by pressing on a conical iron metal lid.
Experimental conditions
Runs from 1 to 3 GPa were performed in an end-loaded piston-cylinder press at the University of Mu« nster, from 1220 to 14008C. The sample capsules were contained in talc^Pyrex^MgO sleeves, and the heating elements were graphite tubes. Run temperatures were measured with WRe 3^W Re 25 (type D) thermocouples and controlled to within AE58C. Runs were quenched at $2508C s À1 by switching off the power supply.
Experiments from 6 to 14 GPa were performed with the 600 and 1000 t Walker-type multi-anvil presses at the High Pressure Laboratory of the Institute for Geochemistry and Petrology at ETH Zurich. Run temperatures in these presses ranged from 1400 to 16508C and were limited by the thermal stability of the metallic Fe capsule. Pressure was transmitted with 32 mm tungsten carbide (WC) anvils, and the heating elements were stepped LaCrO 3 furnaces. Experiments from 6 to 10 GPa used 18/11 assemblies (i.e. 18 mm edge-length of the MgO/ Cr 2 O 3 ceramic octahedra, 11mm truncation of WC cubes), and the runs at 12 and 14 GPa used 14/8 assemblies. Temperatures were measured with PtRh 6^P tRh 30 (type B) thermocouples. Both pressure and temperature were computer-controlled, and runs were quenched at a rate of $10008C s À1 by turning off the power supply. Table 1 summarizes the run times and run conditions of both the piston-cylinder and multi-anvil experiments.
Sample preparation and major element analysis
Experimental charges were mounted in epoxy, polished down to the capsule center, and then documented with backscattered electron (BSE) imaging. The major element compositions of all phases were analyzed using Jeol JXA 8600 and JXA 8900 electron microprobes at the University of Mu« nster, operated at 15 kV accelerating voltage and 15 nA current. Standards used were natural silicates and oxides. Counting times were 20 s on the peak and 5 s on each background. Subsequently, the mounts were polished from the back to obtain a doubly polished thin section 20 mm in thickness. The sections were then glued with acetone-resistant epoxy onto a 75 mesh copper transmission electron microscopy (TEM) grid and detached from the glass slide with acetone. Subsequently, all samples were thinned with a Gatan Duo-mill ion thinning system at 5 kV and 148 beam angle to electron transparency, followed by a 30 min 'cleaning step' at 2·5 kV and 128 beam angle. This cleaning step was applied to remove any amorphous surface material that could have formed during thinning.
Electron energy loss spectroscopy (EELS)
The EELS measurements were performed with a Zeiss Libra 200 field emission transmission electron microscope at the University of Mu« nster, operated at 200 kV. Energy filtering was achieved with an in-column omega filter. The energy resolution of the Zeiss Libra is 0·9 eV, measured as full width at half maximum (fwhm) of the zero loss peak. Prior to the EELS measurements, the mineral phases were identified with a Noran EDX system attached to the TEM system. We analyzed 5^14 grains of each mineral phase per run product to obtain a reasonable average. Natural magnetite was measured and quantified routinely as a secondary standard. The EEL spectra were recorded in the order (1) zero loss peak, (2) Fe L 2,3 edge (three times at 10 s, 30 s and 60 s counting time), and (3) zero loss peak. Background intensity at the L 2,3 edges was subtracted both in the form of an inverse power-law function and as a double arc-tan function, as described by van Aken et al. (1998) . No oxidation of the samples, formation of amorphous layers, or beam-induced contamination was observed during the measurements. Deconvolution of the spectra to eliminate multiple scattering processes was found to be unnecessary. The energy scale was calibrated to 707·8 eV for the maximum of the L 3 Fe 2þ peak and 720·7 eV for the maximum of the L 2 Fe 2þ peak (van Aken et al., 1998) . The spectra were quantified with respect to Fe 3þ /AEFe ratio using the 'universal curve' method of van Aken et al. (1998) with improved curve parameters published by van Aken & Liebscher (2002) . That calibration uses two integration windows of 2 eV widths each, applied to the Fe L 3 edge from 708·5 to 710·5 eV and to the L 2 edge from 719·7 to 721·7 eV. The ratio of integrated L 3^L2 peak intensities of these windows allows direct quantification of the Fe 3þ /AEFe ratio. The universal curve is based on a range of natural minerals and synthetic solid solutions with varying Fe 3þ /AEFe ratios (i.e. hercynite^magnetite, almandine^skiagite, and skiagite^andradite solid solutions) for which the ferric iron concentration was characterized by micro-Mo« ssbauer spectroscopy and electron microprobe analysis (see also Lauterbach et al., 2000; Frost & Langenhorst, 2002; Frost et al., 2004) . Figure 1 shows BSE images of typical run products. The 1GPa run (12208C) crystallized olivine and two pyroxenes.
RU N P RO D U C T S
In the 3^6 GPa runs, stable silicate phases were subcalcic pyroxene plus an almandine-rich garnet, whereas olivine was not identified, because it either was too rare or was absent. This is because we depleted the starting material in normative olivine and enriched it in FeO. The 71 2 GPa runs also crystallized subcalcic pyroxene and garnet (no olivine found), but in this pressure range garnet becomes increasingly majoritic in composition. In the highest pressure (14 GPa) run, the only silicate phase identified was a distinctly majoritic garnet.
In addition to these phases, all experimental charges were peppered with micrometer-sized grains of metallic iron, both along grain boundaries and as inclusions within silicates. Some of the iron grains may be due to disproportionation of ferrous iron at run conditions, whereas others may constitute material mobilized from the sample capsule and re-precipitated inside the charge. Regardless, the distribution of metal grains provides good textural evidence that redox equilibrium between silicate and Fe metal was generally achieved. Judging from the ubiquity of cavities along grain boundaries and at triple junctions, we suspect that most charges experienced very slight degrees of partial melting (Fig. 1b) , although melt was never preserved as glass. Mass-balance calculations do favor an additional phase present at run conditions, but because melt is not preserved, we were unable to determine its composition. Because all the conclusions reached from our experiments are based on exchange and redox equilibria among crystalline phases, minor loss of a melt phase is immaterial for the argument presented and the conclusions reached. Figure 2 shows the molar Mg/(Mg þ Fe 2þ ) ratios, henceforth Mg-number, of pyroxene and garnet as a function of run pressure. Generally, the Mg-number of the phases is close to the bulk Mg-number of the starting composition, which was 0·5. Exceptions are the 8 and 14 GPa run products where the phases are distinctly more magnesian than the phases in the other runs. Our preferred explanation is that both runs experienced some degree of partial melting. Because melt was not accounted for it might have been lost from the charges by capsule leakage, depleting the phases in FeO. All other experiments follow a trend of a slight increase in Mg-number with increasing pressure. We attribute this trend to the precipitation of Fe metal owing to disproportionation of FeO at pressures greater than 6 GPa (see below), to ferric iron and metallic Fe, depleting the silicates in FeO. Average phase compositions are shown in Electronic Appendices 1 and 2 (available at http://www.petrology.oxfordjournals.org).
Mineral compositions
Olivine was present only in the 1GPa experiment ( Fig. 1a) and constituted an estimated 15 vol. % of the charge. Compositions range around Fo 40 ; that is, they are slightly more iron-rich than the Mg-number of the starting composition, possibly caused by limited oxidation of Fe from the sample capsule to FeO, possibly by trapped air.
Pyroxene is the most abundant phase in all runs to up to 7 GPa, constituting 60^70 vol. %. Above this pressure, modal pyroxene decreases steadily in favor of garnet because pyroxene components substitute into the garnet structure to form a majorite solid solution as pressure increases. Usually, pyroxene was found to be homogeneous in its major element composition, with slight variations around En 47 Fs 43 Wo 10 (Fig. 3) . Exceptions are the 1 and 8 GPa runs. In the 1GPa experiment, two pyroxene generations were found, a Ca-poor pyroxene with 2 mol % wollastonite component, and a subcalcic clinopyroxene generation with 15 mol % Wo (Fig. 1a) . It should be noted that although that both pyroxenes were found to be zoned towards a common composition of En 47 Fs 43 Wo 10 , it is possible that crystallization of olivine locally generated low Mg/Si micro-environments, initially stabilizing a low-Ca pyroxene that equilibrated towards a more CaO-rich composition as run time progressed. As noted above in relation to Mg-number, the 8 GPa run might have contained higher proportions of an FeO-enriched melt owing to the higher run temperature, rendering residual phases more magnesian than the bulk composition. Average pyroxene compositions are reported in Electronic Appendix 1.
Garnet is the second most abundant phase in the experiments at pressures !3 GPa and increases in modal abundance with increasing pressure. In the highest-pressure run (14 GPa), majoritic garnet is the only crystalline silicate. Garnet grains are 5^20 mm in size and largely euhedral (Fig. 1) , sometimes poikiloblastic in shape overgrowing pyroxene. Atomic Mg-number is usually lower than that of the coexisting pyroxenes, and close to the Mg-number of the starting composition. An exception is 
Oxygen fugacities at run conditions
Oxygen fugacities ( f O 2 ) during the experimental runs were calculated from the ferrosilite activity in subcalcic pyroxene, assuming that redox equilibrium with the Fe was attained. Textural evidence (i.e. the presence of tiny Fe metal grains dispersed throughout all the silicate phases) supports this. The relevant ferrosilite^quartz/coesite^iron (fs^qtz^iron) equilibrium is
Oxygen fugacities are expressed relative to this equilibrium, as
At the high run temperatures employed here, it is justified to assume that cations mix ideally on the M1 and M2 sites of pyroxene (O'Neill & Wall, 1987) where
The calculations used molar FeO contents in pyroxene calculated after subtraction of FeO 1·5 as determined by EELS (see below). There is an apparent problem to be addressed in that silica activity (a SiO2 ) appears unconstrained by the experimental mineral assemblages. Apart from the 1GPa run, no olivine was found, and neither was a crystalline SiO 2 phase (e.g. b-quartz or coesite) stable. Because relative fO 2 as calculated from equation (2) is a SiO2 dependent, any uncertainty in log a SiO2 feeds into relative fO 2 by a factor of two. Tschermaks molecule concentrations in the pyroxenes, themselves a SiO2 dependent because Al on the tetrahedral site competes with Si, suggest that silica activities were closer to olivine than to SiO 2 phase saturation. This is because the experimental pyroxenes synthesized here are similar in Tschermaks concentrations to natural, low-calcium pyroxenes in olivine-bearing mantle rocks (see Luth & Canil, 1993) . To the relative fO 2 values thus calculated were added the respective contributions from a SiO2 , as if all pyroxenes coexisted with olivine of similar Mg-number. Minimum silica activity at run pressure and temperature was calculated from the equilibrium
using the mixing model of O 'Neill & Wall (1987) and Perple_X programs (Connolly, 1990; Connolly & Petrini, 2002) , which apply the thermodynamic database of Holland & Powell (1998 Fig. 2 , illustrating that relative fO 2 variations among the runs are small up to 8 GPa. Oxygen fugacity conditions in the 10 and 12 GPa experiments are close to IW and appear to be slightly less reducing owing to low a SiO2 calculated at the highest pressures. It should be noted that these fO 2 values are maximum values as no olivine was observed at pressures higher than 1GPa.
Pyroxene^garnet element partitioning
Below 6 GPa, garnet has a near-perfect M 3 Al 2 Si 3 O 12 stoichiometry; however, above that pressure it becomes distinctly majoritic in composition (Fig. 4) , with Si p.f.u. 43. Majorite substitution reflects the elevated solubility of the pyroxene component in the garnet structure with increasing pressure, according to . As majorite in garnet increases ( Fig. 4a and b) the grossular component decreases. Evidently, in peridotitic bulk compositions CaO avoids the majoritic garnet component and concentrates in pyroxene, so long as pyroxene is stable.
Our dataset (bulk Mg-number ¼ 0·5) is compared in Fig. 5 with previous experiments on mantle peridotite compositions (higher bulk Mg-number of 0·9; Irifune, 1987; Akaogi & Akimoto, 1979; Herzberg & Zhang, 1996) . The proportion of the majorite component in garnet is expressed as Si (3þx) excess over stoichiometric garnet (Si ¼ 3) and shown as a function of run pressure. Also shown is the respective decrease in Al þ Cr cations. Included in Fig. 5 are data from experiments in the peridotite þ 5 wt % CO 2 system with a bulk Mg-number ¼ 0·9 (A. Rohrbach & M. W. Schmidt, unpublished data), where the pressure^temperature conditions were close to an adiabat in the asthenospheric upper mantle. Figure 5 shows that for any given pressure, there is a considerable range in majorite content in garnet. This range is largely due to temperature; at a given pressure the lowest majorite content corresponds to the lowest run temperature (Akaogi & Akimoto, 1979; Irifune, 1987) and the highest concentration to the highest temperature experiment (Herzberg & Zhang, 1996) . Regardless of temperature and bulk composition, the onset of measurable majorite in garnet appears to be the same in all datasets (i.e. around 5^6 GPa). The pressure at which pyroxene is completely dissolved in garnet (13·5^15·8 GPa; Fig. 5 ) is also identical within $2 GPa. We conclude, therefore, that even though our mantle composition was depleted in olivine and enriched in FeO, it still reproduces the phase relations in a natural (more magnesian) mantle reasonably well.
Equally pressure-sensitive is the distribution of Na and Ca between garnet and pyroxene. The exchange observed can be described by the coefficient
where x 1 ¼Na þ Ca in garnet and x 2 ¼ Na þ Ca in pyroxene (Sobolev & Lavrent'ev, 1971) . Up to about 6 GPa, KD grtÀpx NaÀCa is pressure independent (Fig. 6) . Above 6 GPa, however, we notice a sharp increase in KD 
Ferric^ferrous iron ratios in pyroxene and garnet
Representative background-corrected EEL spectra of pyroxene and garnet are shown in Fig. 7 . Values for experimental pressure and calculated Fe 3þ /AEFe ratios are shown next to the spectra. The intensity of the Fe 3þ peak at 709·5 eV (arrow in Fig. 7b ) is directly correlated with the atomic Fe 3þ /AEFe ratio. For comparison, we also measured garnets in the 14 GPa run with a sub-Ôngstrom transmission electron microscope (SATEM) located at Carl Zeiss NTS GmbH, Oberkochen, Germany. The SATEM has an energy resolution of 0·4 eV, which is more than double that of the Zeiss Libra in Mu« nster. As the SATEM is not equipped with an EDX system, and hence is unable to distinguish pyroxene from garnet, only the 14 GPa (garnet-only) run was analyzed with both instruments. The ferrous and ferric iron fractions of the Fe L 3 peak (Herzberg & Zhang, 1996 , and our data) relative to garnets from lower temperature experiments (Akaogi & Akimoto, 1979; Irifune, 1987) . Lines marking the pressure at which clinopyroxene is dissolved in garnet are from Herzberg & Zhang (1996; short dashes), Irifune (1987; dotted line) and experiments reported here (long dashes), and are temperature controlled. The unpublished data of A. Rohrbach & M. W. Schmidt are from experiments in a peridotite þ CO 2 system at 1400 and 15208C at 10 GPa, and 1450 and 16208C at 14 GPa.
form clearly separated peaks, reflecting the enhanced energy resolution of this spectrum (Fig. 7a , uppermost spectrum). Within the given uncertainty limits for majoritic garnet of the 14 GPa run, the Fe 3þ /AEFe ratio obtained with two very different instruments is near-identical, confirming that our measured Fe 3þ /AEFe ratios are reproducible.
The change in atomic Fe 3þ /AEFe ratio of pyroxene and garnet with experimental pressure is summarized in Fig. 8 . Each data point represents the average of 5^14 analyzed grains per charge. Each grain was measured three times, at 10, 30, and 60 s counting time. All spectra were quantified with respect to Fe 3þ /AEFe ratio individually to ensure that the specimen was not contaminated nor oxidized during lengthy exposure to the electron beam, as observed by Lauterbach et al. (2000) . We encountered no oxidation under the beam, even when counting times were increased to 5 min.
Experimental run products at pressures 6 GPa are considered essentially ferric iron free. Above 6 GPa, it is possible to resolve an increase in Fe 3þ /AEFe ratio with increasing pressure for both subcalcic clinopyroxene and majoritic garnet. Additionally, we notice that garnet is always enriched in ferric iron relative to coexisting clinopyroxene (Fig. 9) . This fractionation potentially reflects the positive temperature dependence of the Fe 3þ exchange between garnet and pyroxene, as noted by Canil & O'Neill (1996) in natural garnet peridotites.
The data available for metal-saturated garnet or majorite for comparison are those of O'Neill et al. (1993b) , McCammon & Ross (2003) , and . These data provide no evidence for systematic variations in Fe 3þ / AEFe with Mg-number, in contrast to (Mg,Fe)SiO 3 perovskite (see fig. 4a and b) , so our results may be directly applicable to the natural mantle. The Fe 3þ /AEFe ratio in pyroxene at metal saturated conditions seems to be related to the Fe 3þ /AEFe of coexisting garnet, as argued above, although experimental data for direct comparison are not available.
To lend additional credence to the accuracy of the Fe 3þ /AEFe ratios measured, we show in Fig. 10 the Fe^Mg Sodium is partitioned distinctly into pyroxene at pressures 56 GPa. Above 6 GPa Na partitions progressively into garnet and KD increases. This is because Na incorporation in the garnet structure requires Si in garnet present on the octahedral site.
exchange coefficients between pyroxene and garnet, defined as
The KD Fe^Mg values shown in Fig. 10 were calculated with ferrous iron after subtracting the proportion of ferric iron as determined by EELS from total iron as determined by EPMA. The KD values are uniform around 0·7 in all charges regardless of the Mg-number of each of the phases (see Fig. 2 ). This result is excellent support for our implicit assumption that equilibrium with respect to Fe^Mg exchange and Fe 2þ^F e 3þ redox equilibria was reached. Interestingly, this also applies to the mineral pairs from the 8 GPa run, which we suspected had lost some FeO^Fe 2 O 3 -enriched melt. The fact that the KD values are independent of pressure, even though the Fe 3þ / AEFe ratios increases markedly with pressure ( Fig. 10) , supports our implicit assumption that the Fe 3þ /AEFe ratios measured are precise and accurate. If there were any systematic errors in ferric iron analysis by EELS, it would be unlikely for the KD pxÀgrt FeÀMg to remain pressure independent when the Mg-numbers of each of the phases do show considerable inter-experiment variation (see Fig. 2 ) and do vary with Fe 3þ /AEFe and pressure.
D I S C U S S I O N
Our experiments confirm that high-pressure clinopyroxene and garnet can incorporate appreciable amounts of ferric iron, even though the minerals were grown and equilibrated in redox equilibrium with metallic Fe. The starting composition was ferric iron free. Therefore, any Fe 3þ /AEFe ratio above zero detected in the product phases must be the result of redox equilibration at run conditions. The measured Fe 3þ /AEFe ratios (Fig. 8 ) are likely to be accurate because they are indirectly confirmed by a remarkable constancy in KD pxÀgrt FeÀMg (Fig. 10) . Below we explore how much majoritic garnet and subcalcic pyroxene needs to be stabilized to accommodate all the ferric iron in these phases and to drive a fertile mantle composition into Fe metal stability. We discuss the possible equilibria responsible for the generation of ferric iron even in the presence of metallic Fe. We then suggest that the zonation with respect to relative fO 2 within the upper mantleçmoderately oxidized at shallow depths and /AEFe ratio in garnet and subcalcic pyroxene. Ferric iron contents in garnet and pyroxene are coupled such that garnet is always the more ferric iron rich phase. Error bars represent standard errors of the mean at a 95% confidence level.
metal-saturated below $250 kmçcan be reconciled within the context of mantle convection.
Depth of metal saturation in the upper mantle
If mineral phases can incorporate ferric iron even though they were synthesized in redox equilibrium with metallic iron, then the converse must be true: fertile upper mantle will reach Fe metal saturation whenever ferric iron-fractionating phases are present in modal quantities sufficient to incorporate all the bulk ferric iron. The bulk ferric iron content in fertile mantle is assumed to be 2000 ppm, as proposed by O'Neill et al. (1993a) . In our experiments and in fertile upper mantle, the important ferric iron carriers are subcalcic clinopyroxene and majoritic garnet (Fig. 8) . Both phases are stabilized as pressure and temperature increase with depth. Therefore, the expectation is that relative fO 2 will also fall when pressure and temperature increase along a mantle adiabat.
We may approximate with a simple mass-balance calculation (parameters summarized in Table 2 ) the depth interval in the upper mantle within which Fe metal saturation is likely to occur. Information required includes the weight proportions and average FeO contents of the mantle phases, as well as the relation between Fe 3þ /AEFe and majorite content in garnet, shown in Fig. 11 . It should be noted that phase proportions in the mantle vary considerably as a function of pressure. For the calculation here, we have selected the phase proportions relevant for 8^10 GPa. A fertile mantle composition in the garnet stability field at 8^10 GPa crystallizes at about 57 wt % olivine, 20 wt % pyroxene and 23 wt % garnet (Irifune, 1987; Irifune & Isshiki, 1998) . For a bulk mantle Mg-number of 0·9, olivine has about 9·8 wt % FeO (i.e. San Carlos olivine composition), subcalcic pyroxene $4 wt % FeO, and garnet $7·5 wt % FeO. The latter two concentrations are averaged from mineral analyses reported by Luth et al. (1990) , Luth & Canil (1993) , Canil & O'Neill (1996) /AEFe was calculated using Fig. 9 ). These ratios correspond to a total of 1510 and 490 ppm Fe 2 O 3 stored in garnet and pyroxene, respectively. Consultation of Fig. 11 shows that for a Fe 3þ /AEFe ratio of 0·080, garnet requires about 11% of the majorite component. If we apply our data and the near-solidus garnet compositions of Herzberg & Zhang (1996) , garnet contains 11% majorite component at $7 GPa (Fig. 5) ; if we take the lower-temperature garnet compositions synthesized by Akaogi & Akimoto (1979) and Irifune (1987) as a reference, garnet contains 11% majorite component at $9·5 GPa.
Based on this mass balance, a fertile mantle composition may reach Fe metal saturation at realistic mantle temperatures at a pressure of around 8 AE1GPa. This pressure corresponds to a mantle depth of $250 AE 30 km. At this pressure, subcalcic pyroxene and majoritic garnet can incorporate all the bulk ferric iron present in fertile upper mantle, even when Fe metal is a stable phase. The result is conditional upon the assumption that the convecting asthenospheric upper mantle indeed contains 8·1wt % total Fe as FeO, of which 2000 ppm is Fe 2 O 3 , plus the assumption that these concentrations do not vary in any systematic manner with depth.
Source of ferric iron?
In a closed-system situation (i.e. no oxygen added or removed) ferric iron can be generated only by the disproportionation of ferrous iron, according to O'Neill et al. (1993a) . yCalculated using vol. % data from Irifune & Isshiki (1998) and phase densities from Irifune (1987) . zRatios required to match whole-rock Fe 2 O 3 ¼ 2000 ppm.
In relation to mantle petrology and the redox state of the mantle, this idea is not new. Mao (1974) and Mao & Bell (1977) postulated, based on a thermodynamic analysis of the Fe^O system, that FeO should disproportionate to ferric iron and metallic iron at high pressure. Experimental work by Bell & Mao (1975) and Bell et al. (1976) supported this idea. Those workers observed that when a basaltic glass was compressed to 15 GPa and heated to 20008C, the run products (i.e. quench garnet þ melt) coexisted with an Fe metal phase even though the initial starting mixes were more oxidized than the IW buffer. The same observation was made by Frost et al. (2004) . Those workers compressed mantle bulk compositions to lower mantle pressures and also observed metal Fe in the products. Furthermore, Frost et al. (2004) could quantify their silicate phases for ferric iron with EELS and Mo« ssbauer spectroscopy, and they demonstrated that silicate perovskite contained appreciable ferric iron even though it was grown in equilibrium with metallic iron.
Experiments and thermodynamic evaluations in the simple Fe^O system are ambiguous with respect to FeO disproportionation. Early thermodynamic data (Mao, 1974; Saxena et al., 1993; Fabrichnaya & Sundmann, 1997) implied that the assemblage magnetite plus metallic Fe could be the high-pressure phase assemblage, indirectly supporting the notion of disproportionation. More recent evaluations of the structure and the thermodynamic properties of Fe 1^x O at high pressure (Fei & Mao, 1994; Fei et al., 1999; Haavik et al., 2000; Struzhkin et al., 2001; Lazor et al., 2004) , however, have questioned this, and now consensus is emerging that in the Fe^O system, slightly metal-deficient wu« stite is the high-pressure phase, not the assemblage magnetite plus metallic Fe. If this result was applicable directly to natural mantle compositions (more complex than Fe^O) there would be no FeO disproportionation.
This poses a problem, for in our experiments there is no source for ferric iron other than from FeO disproportionation. The addition of oxygen during run conditions is unlikely to cause oxidation because the relative fO 2 was well buffered by the abundant presence of metallic Fe. For this reason, we have investigated with in situ experiments how the stability fields of Fe (1^x) O and Fe 0 þ Fe 3 O 4 in the simple Fe^O system evolve with increasing pressure. At atmospheric pressure and a relative fO 2 of IW, the phase boundary is situated at $5708C. Only if that temperature increases with increasing pressure (i.e. the size of the stability field of Fe 0 þ Fe 3 O 4 increases) can we assume that disproportionation according to equation (8) indeed takes place. The in situ experiments were performed in a MAX80 multi-anvil device at the HASYLAB in Hamburg, from 300 to 5508C and 0·5 to 7·5 GPa. The experimental and analytical techniques are not detailed here but have been described at length by Nover et al. (2005) and Mueller et al. (2007) . Starting materials were mixtures of Fe metal and magnetite powders. The multi-anvil press in Hamburg is coupled to a synchrotron source, so reaction progress (i.e. the reaction of metallic Fe with magnetite to form wu« stite) can be monitored in situ with white-beam energy-dispersive X-ray diffraction.
Experimental results are shown in Fig. 12 . We can confirm that the phase boundary of the disproportionation equilibrium has a distinctly negative slope in pressuret emperature space (i.e.^418C GPa À1 ), implying that the Fe 1^x O stability field increases with increasing pressure. This is possible only if the paragenesis Fe metal þ wu« stite is the high-pressure assemblage. The slope derived here for the univariant equilibrium is considerably steeper than that determined by earlier quench experiments (i.e.^128C GPa À1 by Shen et al., 1983) but coincides closely with the pressure^temperature slope calculated by Haavik et al. (2000) with thermodynamic data (Fig. 12) . Clearly, with increasing pressure in the simple Fe^O system, wu« stite is favored over magnetite þ Fe 0 (see also Lazor et al., 2004) . If it was only for the simple Fe^O system, there could be no production of ferric iron with increasing pressure solely by FeO disproportionation.
Obviously, however, we have to consider phases other than those stable in the Fe^O system. In systems compositionally more complex than Fe^O, such as a fertile mantle composition, phases can be stabilized that are sinks for ferric iron. When these phases appear, they fractionate any ferric iron present, and a gradient is established around these phases with respect to the chemical potentials of ferric iron components in the phases. The Haavik et al. (2000) ] C°[ e r u t a r e p m e t Fig. 12 . MagnetiteþFe 0 and wu« stite phase boundaries in pressuret emperature space. The continuous line is from quench experiments (Shen et al., 1983) , the dashed line is from thermodynamic calculations (Haavik et al., 2000) , and the symbols illustrate the position of the phase boundary as determined by in situ X-ray diffraction (this study). The univariant equilibrium (i.e. 4FeO ¼ Fe 0 þ Fe 3 O 4 ) has a distinctly negative slope in pressure^temperature space, suggesting that Fe metal þ wu« stite is the high-temperature assemblage.
FeO-bearing components respond to that gradient by breaking down to metallic Fe plus ferric iron, regardless of the phase relations in the simple Fe^O system. In the upper mantle and the Transition Zone, the ferric iron sinks forcing equation (8) to the right are majoritic garnet and subcalcic pyroxene (O'Neill et al., 1993a (O'Neill et al., , 1993b Rohrbach et al., 2007) , whereas in the lower mantle it is Mg^Si perovskite (McCammon, 1997; Frost et al., 2004) . In the Earth's mantle, the most important intensive parameter to stabilize majorite and perovskite is pressure. Therefore, the extent of FeO disproportionation increases with increasing pressure, and relative fO 2 falls with pressure until Fe metal is a stable phase.
Oxidation and reduction under closed-system conditions during mantle convection
When material from the deeper mantle is within the stability field of majoritic garnet and convects upward, majorite becomes unstable. In response, ferric iron components are released. The ferric iron liberated then reacts with metallic Fe to form FeO, until either the metal phase or ferric iron are consumed. The only requirement to achieve oxidation to above Fe metal saturation (i.e. Álog fO 2 [IW]4^2 at bulk Mg-number of 0·9) is that majorite breakdown releases per mol metallic Fe at least 2 moles FeO 1·5 [compare the stoichiometry of equation (8)]. The average metal-free (oxidized) fertile upper mantle composition contains 8·1wt % total iron of which $2000 ppm is Fe 2 O 3 (O'Neill et al., 1993a) . In the context of our experiments, we interpret the 2000 ppm Fe 2 O 3 as an 'excess' Fe 2 O 3 component, left over after all Fe metal was oxidized to FeO. The process described here may be termed 'closed-system oxidation' because it works without the addition of any other oxidizing agent, solely by increasing the activities of the ferric iron components and solely driven by decompression.
In turn, when oxidized upper mantle material is compressed by downward convection to $8 GPa, the mantle material will experience relative reduction to fO 2 conditions below IW. At around this pressure, corresponding to a depth of $250 km, majoritic garnet and subcalcic pyroxene have become so abundant and the chemical potentials of the ferric iron components so low that (Fe,Ni) metal becomes a stable phase. Initially, the composition of the metal phase will be Ni-dominated because NiO is reduced to metal more easily than FeO, but as pressure builds up the metal will shift gradually to a more Fe-rich composition.
Ideally, convection leads to an upper mantle that is stratified with respect to fO 2 , as observed. The upper 250 km where majoritic garnet is unstable is oxidized because ferric iron liberated from majorite breakdown has eliminated all metallic Fe present. Relative fO 2 in this mantle region is controlled by the activities of the ferrous and ferric iron components in the mantle minerals (compare the FMQ equilibrium). The buffering capacity of that mantle region is low because both ferrous and ferric iron are dilute quantities in the phases. Gradients toward lower relative fO 2 with depth may develop, as demonstrated by Woodland & Koch (2003) for cratonic lithospheric mantle xenoliths in kimberlites. Relative fO 2 in that upper oxidized shell is subject to all mantle processes affecting bulk ferrous/ferric iron ratios and the relative abundances of mantle phases; including partial melting, melt extraction, mantle metasomatism, and cycling of oxidized surface material back into the mantle along convergent plate margins.
Below 250 km, an (Fe,Ni) metal phase is stable. Consequently, the mantle below that depth is well buffered with respect to fO 2 . Relative and absolute fO 2 are constrained by the mol fraction of metallic Fe in the (Fe,Ni) alloy and the activities of the ferrous iron components in the coexisting silicates. Once an Fe-dominated metal phase is stable, fO 2 can vary only within very narrow limits, as a shift in fO 2 would require a major shift in the bulk Mg-number of the silicate mantle. The upper limit may be around IW^0·5 when the metal phase is Ni rich, Ni 0 being produced by reduction of the Ni 2 SiO 4 component in olivine. The lower limit will be around IW^2 where pure Fe metal is in redox equilibrium with a bulk silicate Mg-number of 0·9. So, unless there are systematic variations in bulk mantle composition with depth, relative fO 2 is expected to be narrowly constrained to levels below IW; this constraint applies to about 75 vol. % of the Earth's mantle.
C O N C L U S I O N S
(1) Electron energy loss spectroscopy (EELS) analyses of high-pressure phases reveal that majoritic garnet and subcalcic pyroxene both fractionate significant amounts of ferric iron, even when they are in redox equilibrium with metallic iron. The amount of ferric iron fractionated by these phases increases with increasing pressure. The source identified for the ferric iron can only be the disproportionation of FeO.
In situ equilibration experiments in the simple Fe^O system reported here demonstrate that FeO disproportionation occurs only in compositionally complex systems, when phases are stabilized that can fractionate ferric iron. In the upper mantle, the major ferric iron sinks driving FeO into disproportionation are majoritic garnet, followed by subcalcic pyroxene. (2) We suggest, based on a mass-balance calculation, that a fertile mantle composition may reach Fe metal saturation at around 8 AE1GPa. In this pressure interval, sufficient majoritic garnet and pyroxene are stable for the bulk ferric iron of the fertile mantle ($2000 ppm) to be accommodated in subcalcic pyroxene and majoritic garnet. Ferric iron is incorporated even though these phases are in redox equilibrium with pure metallic Fe. This conclusion is valid only if the composition of the Earth's mantle remains constant with depth, with respect to both FeO and Fe 2 O 3 , and all other components necessary to stabilize subcalcic clinopyroxene and majoritic garnet. The depth region within which metal saturation is expected to be reached lies around 160 km above the base of the upper mantle, at $250 km depth. (3) An upper mantle within (Fe,Ni) metal saturation holds a number of interesting implications. Redox melting may become an attractive and more widely accepted partial melting mode in the mantle Foley, 1988 Foley, , 2008 Foley, , 2010 . Carbon^hydrogen^oxygen fluids stable in deeper, metal-saturated mantle are dominated by the reduced species CH 4 and H 2 (Matveev et al., 1997) ; when these fluids percolate upwards into more oxidized mantle regions, reaction may occur to produce H 2 O and CO 2 . Both these species will lower the mantle solidus temperature and may trigger partial melting (Dasgupta & Hirschmann, 2006) . Beneath mid-ocean ridges (i.e. at 150^300 km depth), diffuse low-velocity zones have been identified where P and S waves are attenuated (Forsyth et al., 1998; Gu et al., 2005) and mantle resistivity is distinctly anisotropic (Evans et al., 1999) . Perhaps these low-velocity zones mark the global pressure interval within which metallic (Fe,Ni) solid solutions become unstable; here deep-seated C^H^O fluids are oxidized to H 2 O and CO 2 , generating thin films along grain boundaries of volatile-rich carbonatitic or hydrous melt that attenuate seismic waves. (4) In view of the widespread (Fe,Ni) metal saturation, it should also be reconsidered whether the chondritic highly siderophile element signature of the mantle, conventionally attributed to a late chondritic veneer (O'Neill, 1991a (O'Neill, , 1991b added toward the end of Earth's accretion, is at least in part a 'ghost signature' of a former (Fe,Ni) metal phase (Jones & Drake, 1986) , stable at depth but oxidized in the upper mantle. (5) Given that the modern upper mantle below 250 km is metal-saturated and its relative fO 2 is well buffered around IW^2, there is no basis to expect that the ancient mantle was any different in terms of fO 2 control. Hence, it should not come as a surprise that no secular variations in the oxidation state of basalts have yet been detected; that is, Archaean mantle melts are as oxidized (or as reduced) as modern mantle melts (Canil, 1997 (Canil, , 2002 . Equally unfounded appears to be the expectation that early Archaean volatile emanations from the mantle, via volcanic degassing, were more reduced than volcanic gases of today.
